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1 .  INTRODUCTION 

Land covers about 150 million km2 (30%) of the earth’s surface. Soil 
forms its underlying surface, but over much of the land lies a vegetative 
cover. At high latitudes and altitudes glaciers and permanent snow fields 
(covering about 16 million km2 of land) are found. During January, snow 
covers about 40 million km2 of land in the Northern Hemisphere. 

The land’s vegetative cover includes a wide range of ecosystems and 
human uses as summarized in Table I. Approximately t of the land is 
desert, 4 forests, f grasslands, Q farmlands and cities, and the remainder 
largely tundra but also swamps, marshes, lakes, and rivers. 

Popular concepts of climate largely involve the interaction of season- 
ally varying atmospheric temperature, precipitation, and surface radiation 
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TABLE I. LAND USE AS PERCENTAGE OF TOTAL LAND AREA 

Land use % 

Arable-mixed farming and human areas 
Grazing land 
Extratropical forests (mostly conifer) 
Tropical forests and woodlands 
Deserts 
Tundrahigh altitude 
Swamp and marshes, lakes and streams 

10-13 
20-25 
10-15 
13-18 
25-30 

6-9 
2-3 

with these various land types. Many scientific disciplines also study vari- 
ous aspects of the interaction between climate and land surface pro- 
cesses. Hydrologists concern themselves with the time-varying flows of 
streams and rivers, the consequent availability of water resources for 
irrigation, power generation, industrial and urban use, and the possible 
threats of flooding due to excess supply. Glaciologists study the response 
of small mountain glaciers and continental ice sheets to snow supply in 
accumulation zones and melting in ablation zones. 

Agronomers, foresters, ecologists, and range managers consider the 
radiative fluxes within plant canopies as the energy source both for photo- 
synthesis and for maintaining the temperature and transpiration of the 
canopy. Plant temperature controls the rates of various biochemical pro- 
cesses. If temperature is too low or too high, crop production suffers. 
Transpiration occurs as a by-product of photosynthesis. As plants open 
stomata on their leaves to catch carbon dioxide, they lose water vapor 
that has evaporated within the leaf. If roots are unable to restore this lost 
water, the stomata close to the point where a water balance is maintained, 
and in so doing reduce their intake of carbon dioxide. Hence, the supply 
of water within the rooting zone of plants is also of considerable concern. 

Geologists study the role of temperature, wind, and rainfall in the 
weathering of rocks, formation of soils, and movement of sediments to 
streams, and physical geographers study the general question of the influ- 
ence of climate on the land’s surface. 

I come from yet another discipline, with a strong interest in climatic 
processes-dynamic meteorology. My educational training and profes- 
sional associations have largely been concerned with developing better 
scientific understanding and predictive capabilities for the motions of the 
atmosphere. Perhaps the major practical achievement of dynamic meteo- 
rology has been development over the last 35 years of real-time data 
acquisition systems and computer models of the atmosphere sufficiently 
realistic to provide numerical weather forecasts, now useful up to a week 
in advance. 
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The same upper-air soundings that provided initial conditions for the 
forecast models have also been used to obtain climatologies of atmo- 
spheric motion. My own entry into meteorology was under Victor Starr at 
MIT, who pioneered the use of atmospheric statistics for studying the 
conservation of momentum and conversions of energy within the global 
atmosphere. Numerical forecast models were also applied to simulation 
of these and other statistics of the global atmospheric circulation. Numer- 
ical models constructed to carry out such studies were referred to as 
general circulation models (GCMs). J. Smagorinsky pioneered much of 
this work and developed the Geophysical Fluid Dynamics Laboratory 
(now under NOAA in Princeton) which continues in these activities. 

The large-scale motions of the atmosphere and their role in transport 
and energy conversions have been the primary climate variables of con- 
cern to dynamic meteorologists. In the past, everything else occurring in 
the atmosphere, e.g., radiation, clouds, small-scale turbulence, and rain- 
fall, were lumped together as “physics” and considerable intellectual 
effort was devoted to showing these terms were less important than the 
dynamics of motions (for those questions of interest to dynamic meteorol- 
ogists). Nevertheless, dynamic meteorologists had to pay some attention 
to heating of the atmosphere by other than adiabatic redistribution of 
energy. In particular, it has long been necessary to recognize the latitudi- 
nal variation of the net radiative heating-cooling of the atmosphere-earth 
system in order to account for the atmosphere’s well-known function of 
moving excess heat from equatorial to polar latitudes. 

Just as dynamic meteorologists assumed all but motions were “given,” 
so the disciplines concerned with other parts of the climate system as- 
sumed the atmosphere was given. Oceanographers drove their models 
with measured winds and surface temperatures, glaciologists assumed 
measured ablation and accumulation rates for their models, and those 
disciplines concerned with micrometeorology measured net radiative 
fluxes, winds, and atmospheric stability as inputs for models of evapo- 
transpiration and soil moisture. 

There has been a renaissance in climate studies over the last decade. 
Scientists in the different disciplines concerned with the climate system 
have grown increasingly appreciative of the connections between the var- 
ious components of the climate system and the hazards of overly narrow 
viewpoints. Of course, some interdisciplinary leaps have led to blunders, 
but on the whole, these efforts have been stimulating. 

Up to now, the disciplines concerned with land microclimatology have 
been less integrated into the mainstream of current efforts to understand 
the climate system as an integrated whole than have some other disci- 
plines, such as oceanography. They have been largely lumped together by 
meteorologists into the category of “climate impacts” and recognized 
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more as consequences of the climate system than as an integral part. The 
lack of appreciation of the importance of processes over land for the 
climate system as a whole is due in part to inadequate knowledge on the 
part of many atmospheric scientists as to the physical functioning of land 
processes and in part to the narrow conception of the climate system held 
by many scientists concerned primarily with the functioning of land pro- 
cesses. 

It is the intent of the present article to help bridge the gap between 
disciplinary studies of atmospheric versus surface climate. It is primarily 
directed toward describing physical processes involving the land surface 
that should be of concern to scientists interested in modeling the global 
climate system. Considerable emphasis is given to the physics of land 
surface albedos; modeling surface energy balance processes is considered 
somewhat more briefly. 

2. SURFACE ALBEDOS 

This section is intended to provide a conceptual basis for understanding 
land surface albedos. The processes that determine surface albedos are 
complicated and it is tempting in developing climate models to rely on 
summaries of observational data. However, existing data sets can be 
quite misleading in conveying the impression that albedos are fixed con- 
stants. Rather, albedos are generally dependent on both the wavelength 
and incidence angle of incoming solar radiation. Because of this depen- 
dence, it is necessary to consider the modification of the incoming solar 
beam by the atmosphere as done in the following subsection. Surface 
albedos, furthermore, are dependent on surface textures and structure as 
well as composition; the primary intent of this section is to use physical 
reasoning and simple mathematical models to summarize how these fac- 
tors determine surface albedos. 

2.1. Incoming Solar Flux 

The solar flux E{ reaching the top of the atmosphere normal to a surface 
is given by 

E{ = 1370(1 + 0.034 cos yL) W m2 
to three-digit accuracy, where y. = 2~r(day of year -3)/365 days. Globally 
averaged, about half of the flux reaching the top of the atmosphere is 
absorbed at the surface, the rest being absorbed or reflected by atmo- 
spheric constituents or reflected by the surface. Both surface and atmo- 
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spheric radiative properties are strongly wavelength-dependent over the 
spectrum of solar energy. Practically all solar radiation of wavelength 
shorter than 310 nm is absorbed by ozone and other absorbers in the 
stratosphere and above. About 2% of the incident beam is removed from 
the ultraviolet solar flux by these absorbers, somewhat independently of 
latitude and solar zenith angle (as a result of the saturation of the absorp- 
tion). 

Due to the smooth variation of atmospheric and surface spectral prop- 
erties at wavelengths reaching the lower atmosphere and surface, consid- 
erable spectral averaging is possible for calculation of solar energy fluxes. 
The minimum practical division is into “visible” (including relatively 
long-wavelength ultraviolet) and into near-infrared. A convenient division 
between these two categories is at wavelengths of about 700 nm. This 
division is chosen for two reasons. First, approximately half the solar 
energy incident at the top of the atmosphere is at shorter and half at longer 
wavelengths than this value. Second, the chlorophyll absorption bands 
occur at 700 nm and shorter wavelengths, so plant canopies reflect a much 
larger fraction of the incident radiation in the near-infrared part of the 
solar spectrum than they do in the visible. Other surfaces also have 
greatly different reflectances (albedos) for near-infrared than for the visi- 
ble solar radiation, but the spectral variation of the reflectances for these 
surfaces is not as discontinuous as it is for green leaves. In particular, 
soils typically reflect about twice as much near-infrared as visible radia- 
tion, and conversely, snow surfaces reflect about half as much near- 
infrared as visible radiation. Typical spectral reflectances of a plant can- 
opy and soil are shown in Fig. 1. 

Solar fluxes at the surface are obtained from the fluxes at the top of the 
atmosphere by subtracting the energy absorbed or reflected within the 
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FIG. 1. Spectral reflectances for dry soil, wet soil, and a plot of blue grama grass. (From 
Tucker and Miller, 1977.) 
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atmosphere, i.e., the downward flux at the bottom of the atmosphere is, 
approximately, 

Fk = cos 8 Fk(1 - A H ~ O  - A03 - Rdust - Rair - Rclouds) -t F i r  (2.2) 

where A H I O  and Ao, are, respectively, the fractional absorption due to 
water (vapor or liquid) and ozone; Rdust, Rair, and RElouds are the reflectivi- 
ties (and any assumed absorption) due to dust, air (Rayleigh scattering), 
and clouds, respectively; F& is the solar radiation backscattered from the 
sky after one or more reflections from the surface. It can be as large as the 
first term in Eq. (2.2) for a bright snow surface under thick clouds, but for 
clear sky and a nonsnow surface would be typically about 1% of the first 
term. The term cos 8 gives the projection of the solar beam in the direc- 
tion of the local vertical, where 8 is the solar zenith angle (angle between a 
solar beam and the local vertical), and is conventionally obtained from 

cos 8 = cos + cos h cos 6 + sin + sin 6 (2.3) 

where + is the latitude, h is the hour angle (from noon), and 6 is the solar 
declination (tilt of earth’s axis from a right angle to the direction to the 
sun). 

Solar radiation is “scattered” into other directions from the direction of 
the direct solar beam if it interacts with matter in the atmosphere. The 
reflected radiation consists of that radiation which has been scattered in 
an upward direction. The solar radiation incident at the surface consists of 
that fraction of the solar beam that has not been absorbed or scattered 
plus the radiation that has been scattered in the downward direction. The 
latter is referred to as “diffuse” radiation. Numerical procedures are 
available to describe the directional details of scattered radiation to con- 
siderable accuracy. However, the limiting factor in calculating radiative 
transfer through the atmosphere in climate studies is generally inadequate 
information as to the distribution and optical properties of atmospheric 
dust and clouds. The diffuse radiation is often assumed to be isotropic and 
for many purposes it can be approximated by a single beam with a 60” 
solar zenith angle. The fraction of incident radiation that is diffuse varies 
from about 0.1 for an overhead sun and cloudless sky to more than 0.9 
below thick clouds. 

In summary, for global climate models, radiative fluxes at the surface 
can be subdivided into the following four categories: direct visible beam, 
diffuse visible beam, direct near-infrared beam, and diffuse near-infrared 
beam. The depletion terms in Eq. (2.2) are different for each of these 
beams and depend on the solar zenith angle. In particular, the Rayleigh 
scattering term, because it is proportional to the fourth power of inverse 
wave number, affects significantly only the visible and ultraviolet fluxes. 
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The water vapor absorption term applies almost entirely to the near- 
infrared fluxes, whereas the ozone absorption term, which includes the 
Chappius bands at 600 nm as well as absorption of ultraviolet radiation, 
removes on the average about 3% of the incident solar radiation. Absorp- 
tion by other species, in particular, 0 2 ,  C02, and NO2, is in total less than 
2% of the incident beam but should be included to ensure adequate ac- 
curacy. 

Absorption of solar radiation by water vapor involves a large number of 
individual lines which are broadened by pressure; vertical absorption 
paths are usually defined by the pressure-weighted amount of water in a 
column, converted to units of liquid water, and are typically about 1-2 
cm, but vary from 0.1 cm in the Antarctic and winter Arctic to as large as 
5 cm for extremely warm moist tropical conditions. The corresponding 
absorption averaged over a day is typically about 10% but ranges from 
about 6% to about 16% of the solar beam. For a nearly overhead sun and 
summer conditions, this absorption would be in the range 10-13%. The 
additional liquid and vapor water in clouds can increase absorption by up 
to another several percent. 

Rayleigh scattering over clear sky reflects about 6% of the incident 
beam upward, on the average, but globally averaged, about f of this 
upscatter is masked by clouds. Aerosols in a clear sky scatter typically 
10% of the incoming beam, but only about 1% is scattered upward and so 
lost. 

In summary, between 15 and 50% of a clear-sky solar beam is lost due 
to absorption or upscatter; this loss varies primarily with water vapor 
concentrations and solar zenith angle, and would be about 20-25% for a 
nearly overhead sun and a clear summer day. Cloudy skies, on the aver- 
age, reflect about 50% of the incident solar radiation, but this reflection 
can range from a few percent for high thin cirrus to more than 90% of the 
otherwise unabsorbed radiation for thick low clouds. 

2.2.  Important Factors When Considering Surface Albedos 

About three-fourths of the incident solar beam reaches the surface 
under a clear sky and nearly overhead sun and typically half that much 
under cloudy conditions. Under clear sky conditions, nearly all the solar 
radiation reflected from the surface returns to space. Under cloudy condi- 
tions typically half the reflected radiation may return through the clouds 
to space, with the remainder returned to the surface as the F:r term in Eq. 
(2.2). 

The surface albedo is the ratio of reflected to incident solar radiation. It 
is evident from the above discussion that modifications in surface albedo 
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significantly change the fraction of solar radiation that is reflected from 
the earth-atmosphere system, that is, the planetary albedo. The tempera- 
ture of the earth-atmosphere system is quite sensitive to small changes in 
its energy balance, such as are possible from large-scale changes in sur- 
face albedos. What are the processes that enter into determining surface 
albedos over land? 

It might seem that the albedo of a surface should simply depend on the 
chemical composition of the surface. Unfortunately, albedo depends even 
more on the physical structure of a surface. For example, the albedo of 
water in a pond will be less than about 0.04 (overhead sun), but the albedo 
of water in a low thick fog layer can be nearly 1 .O. The primary reason for 
this difference is that light incident on a pond has essentially only one 
opportunity to be reflected at the air-water interface; nearly all the light 
entering the pond stays there. For fog or cloud, on the other hand, almost 
all the incident solar beam that is not up-scattered the first time it enters a 
droplet is down-scattered out the bottom of the droplet and has many 
further opportunities to be up-scattered. Only a very small fraction of the 
light intercepted by a droplet is actually absorbed. The thicker the cloud, 
the larger is the fraction of the incident beam that eventually leaks out the 
top of the cloud. 

Since vegetation covers at least half of the total land surface, the deter- 
mination of surface albedo in the presence of vegetation is an important 
question. A novice modeling the albedo of leaf canopies might expect that 
their albedos should correspond to the albedos of single leaves. However, 
measured canopy albedos are typically not much more than half the albe- 
dos measured for individual leaves. Why is there this difference? Leaves, 
unlike water droplets, absorb approximately half the incident solar radia- 
tion, mostly in the visible, due to their chlorophyll. Normally, most of the 
light transmitted through the leaf is absorbed by lower leaves or by the 
ground. If all the transmitted light were subsequently absorbed and all the 
light reflected from the upper leaf surfaces were to escape the canopy, the 
canopy albedo would correspond to the leaf albedo. However, much of 
the light reflected from leaves situated below the top surface of the can- 
opy is shadowed by other leaves and so further attenuated; this light 
trapping reduces the canopy albedos to values considerably lower than 
that of individual leaf surfaces as illustrated in Fig. 2. 

Many other geophysical examples of such light trapping are easily 
imagined. For example, a deep canyon is generally quite dark compared 
to surrounding terrain even if locally the canyon surface is of the same 
albedo as that of the surrounding terrain. The only difference, then, is that 
much of the light reflected from the canyon surface strikes other parts of 
the canyon surface and the effective albedo is correspondingly reduced. 
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I 
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FIG. 2. Sketch of the partial trapping of light reflected from a canopy leaf by overlying 
leaves. 

Just as holes of all sizes at the surface reduce the effective albedo, so do 
upward-protruding objects, For example, a vertical pole that is a diffuse 
reflector will send half the light it intercepts downward to the ground, 
which will in part absorb the light. Hence, the effective albedo of the pole 
and surface it shades is correspondingly half the reflectivity of the pole 
multiplied by one plus the albedo of the underlying surface (neglecting 
further trapping). Leafless hardwood canopies over a snow surface can 
consequently greatly reduce the effective surface albedo (see, e.g., Fed- 
erer, 1971). Plant canopies increase their trapping of light not only by 
arranging their leaves randomly in space but also by inclining their leaves 
somewhat vertically. Ordering of leaves into clusters can further reduce 
albedos. 

2.3. Mathematical Theory of Plant Canopy Albedos 

The optical depth of the canopy is measured by the leaf area index 
distribution function L(z) ,  which is defined as the area of one side of the 
leaves (projected onto a flat surface, if the leaves are not flat), per unit 
area of space, above level z .  If the leaves are randomly distributed in 
space, and the direct solar beam at the top of the canopy is F,(m),  the 
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expected value of the vertical flux of the incident solar beam at level z and 
for a given solar zenith angle whose cosine is p,, is 

(2.4) F&Z, p,) = M m )  exp[-i(z, PII 
where the optical path t ( z ,  p) is given by 

1 
i ( z ,  p,) = \zm Gk‘ ,  p,) dL(z’) (2 .5 )  

p = cos 8, and G(z ,  p) when multiplied by t ( z )  is the projection of the leaf 
area in the direction of the solar beam (see, e.g., Ross, 1975). For exam- 
ple, G = p, for horizontal leaves and G = 0.5 for leaves with all orienta- 
tions of equal probability. The assumption is made here and in the follow- 
ing analysis that G is independent of the azimuthal angle, i.e., as would be 
obtained if all leaf azimuths were of equal probability. The geometry of 
the leaf scattering is sketched in Fig. 3. Note that any radiation that has 
interacted with leaves is removed from the direct beam as described by 
Eq. (2.4). Diffuse sky radiation is likewise attenuated as is the direct 
beam, except that it is incident at all angles so that integration over the 
angles of incidence becomes necessary. 

When solar radiation strikes a single leaf, a fraction of the radiation is 
absorbed, and the rest is scattered in all directions and emerges on both 

SOLAR BEAM s 
UPWARD 

LEAF I 

HEMISPHERE 

AREA-AL 

FIG. 3. Sketch of the geometry of leaf scattering. The solar beam is incident at an angle 
whose cosine with the vertical is p. The leaf‘s orientation is defined by the direction of its 
normal, which is determined by an inclination angle & and an azimuth relative to the 
azimuth of the solar beam. The term G(p) is the cosine of the angle between the leaf normal 
and the direction of solar beam. The term AL is the one-sided leaf area. The product of C(p) 
and AL gives the area shaded by the leaf. Radiation scattered into the backward hemisphere 
is referred to as “reflected” and radiation scattered into the forward hemisphere as “trans- 
mitted.” The net radiation scattered by all leaves into the upward hemisphere is required to 
determine the canopy albedo. 
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sides of the leaf. The general formalism of scattering from a leaf corre- 
sponds to that for scattering from a nonspherical aerosol. In other words, 
the scattered radiation depends not only on the angle between the incident 
and scattered beams and on the wavelength of the light but also on the 
orientation of the leaf relative to the direction of the incident light. It is 
usually assumed for theoretical calculation that the scattering is isotropic 
(that is, "diffuse") on the near and far side of the leaf. However, in 
practice, the radiation reflected from the near side of the leaf has a specu- 
lar as well as diffuse component that can be quite pronounced in the case 
of glaucous (i.e., shiny) leaves (Gates, 1980). 

The fraction of incident light transmitted through a leaf is denoted 7 and 
the fraction of light reflected from the leaf is denoted p; w = T + p is the 
fraction of light scattered, and 1 - w is the light absorbed. Typical values 
are indicated in Table 11. Note that visible radiation is largely absorbed 
and near-infrared radiation is largely reflected or transmitted. The reflec- 
tion is usually somewhat larger than the transmission, as might be ex- 
pected for scattering from an object, such as a thick cloud, that consists of 
a large number of individual scattering centers (i.e., the leaf mesophyll 
cells and chloroplasts within these cells). Also, the presence of the multi- 
ple scattering centers within the leaf implies that its reflectivity and trans- 
missivity should depend on the orientation of the leaf relative to the 
incident beam. Some observational evidence for this dependence has 
been discussed by Gates (1980). The dependence of leaf transmissivity on 
leaf orientation apparently only becomes significant if the angle between 
leaf normal and solar beam is more than 60"; the fraction of intercepted 
beam absorbed is decreased at near-glancing incidence. 

A precise calculation of canopy albedos is not practical because of the 
complex geometry of leaf and stem orientation and insufficient informa- 
tion as to the optical properties of the leaves and stems of most plants as 
functions of scattering angles and leaf and stem orientations. 

Fortunately, approximate treatments for canopy albedos can be formu- 

TABLE 11. TYPICAL SCATTERING PARAMETERS FOR LEAVES" FOR THE VISIBLE AND 

NEAR-INFRARED COMPONENTS OF A SOLAR BEAM 

Visible Near-infrared 

Scattering parameter w 0.15-0.20 0.80-0.85 
Reflection p 0 . 6 ~  0 . 7 ~  
Transmission T 0 . 4 ~  0 . 3 ~  

Based on Ross (1975) and Goudriaan (1977). 
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lated that are compatible with likely observational detail. For the follow- 
ing discussion, the canopy is assumed to consist only of leaves, the prop- 
erties of these leaves are independent of the horizontal coordinates, and 
their orientations are independent of the vertical coordinates in the can- 
opy. The albedo for visible solar radiation & can be adequately deter- 
mined by assuming that all scattered light is absorbed upon encountering 
another leaf. 

The albedo of the canopy with leaves which are constant in orientation 
but randomly distributed in space and of infinite optical depth is obtained 
in this “single scattering” approximation by 

where 

f(P9 P’) = [CLG(P’) + p’G(CL)I-’ (2.7) 

The parameter r(p, p‘) = G(p) G(p’) P ( p ,  p’) where P ( p ,  p’) is the 
scattering phase function giving the relative fraction of scattered flux in 
direction p’, per projected leaf area in that direction; it is normalized such 
that Jh ,  P ( p ,  p’) G(p’) dp’ = 1. The various terms entering this calcula- 
tion are sketched in Fig. 4. The integration over all upward scattering 
angles gives the relative upward flux. 
All the terms whose product gives r(p, p’) depend on leaf orientation. 

For the more realistic case where leaf orientation is given by a distribution 

REFLECTEO INCIDENT 

ATTENUNION OUT ATTENUATION IN 

HOMOGENEOUS C A N O ~ ~ ~ R  dL 

IN DIRECTKIN p’ 

I 1 

INTERCEPTED 

FIG. 4. Sketch of the terms entering the single-scatter approximation; a single layer of 
unit area scatters wC(p) G(JL’) P ( p ,  JL‘)  dL of the radiation incident on it from the direction 
defined by ~r. into the direction defined by p’; multiplication by the attenuation of the incident 
and scattered beam and integration over all JL’ and all layers gives the total single-scatter 
canopy albedo. 
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function, it is necessary to integrate these factors over the leaf orientation 
distribution function. Ross (1981) provides a detailed formulation for this 
situation and derives r(p, p’), the “generalized phase function,” for 
several examples. 

For a leaf whose backscatter and forward scatter are isotropic, the 
scattering phase function is independent of solar zenith angle and depends 
only on what fraction of backscattered or forward-scattered flux has been 
up-scattered versus down-scattered. 

Equation (2.6) simply illustrates the profound role of light trapping by a 
canopy. The termf(p, p’) determines the relative reduction of the scat- 
tered beam due to absorption over the optical path in leaving the canopy. 
Light penetrates holes in the canopy, is reflected from lower leaves, and 
then is absorbed along its upward path. If the leaves were instead ar- 
ranged in layers with no holes, the canopy albedo would decrease to that 
of a single leaf. This limit is also reached in Eq. (2.6) for a glancing sun, 
i.e., p = 0, incident on horizontal leaves, i.e., G(p’) = p‘. 

In considering the canopy albedo for near-infrared fluxes, it is neces- 
sary to allow for multiple scattering of light intercepted by leaves. For 
doing this, it is useful to introduce a two-stream type of approximation. 
The commonly used models of this kind have been summarized by 
Meador and Weaver (1980). We assume that the diffuse fluxes are iso- 
tropic in the upward and downward directions (see, e.g., Coakley and 
Chylek, 1975). Let fl and ZJ be the upward and downward diffuse solar 
flux divided by the incident solar flux, respectively. Leaves are taken to 
be flat plates with no difference between the optical properties of their 
tops and bottoms. Appropriate equations in the two-stream approxima- 
tion are then 

dZ7 
(2.8) -p dL + [I - (1 - P)W]Z~  - WPZJ = wpkpo exp(-kL) 

dZJ 
6~ + [l  - (1 - P)w]Zl - WPZ? = wpk(1 - Po) exp(-kL) (2.9) 

These expressions use k for the optical depth of the direct beam per unit 
leaf area 

k = G(P)/CL (2.10a) 

whereas p is the average inverse diffuse optical depth per unit leaf area 

(2. lob) 
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and p and Po are the up-scatter parameters for the diffuse and incident 
beams, respectively, to be defined below. An alternative formulation dif- 
fering in some details is given in Ross and Nilson (1975) and Ross (1981). 

A diffuse up-scatter parameter P can be obtained for leaves whose 
forward scatter and backscatter are isotropic. If the normal to the leaf 
makes an angle $L relative to the local vertical, the top surface of the leaf 
absorbs downward flux and emits upward flux into a hemisphere with a 
wedge (between the leaf bottom and the horizontal plane through the 
point of solar incidence) removed, as illustrated in Fig. 3.  Within the 
wedge, upward flux is emitted and downward flux absorbed by the bottom 
surface. As inferred from the analysis in the appendix of Norman and 
Jarvis (1975) 

(2.1 1 )  

where again p is the reflectivity and T is the transmissivity of a leaf. Only 
for horizontal leaves or if p = T is it strictly correct to use w p  = p. For 
example, for leaves with all orientations of equal probability, wp = $p + 
AT.  For nearly vertical leaves, the leaf diffuse up-scatter parameter is 
approximately an average of the transmissivity and reflectivity. 

Equations (2.8) and (2.9) solved in the w + 0 limit (single-scatter ap- 
proximation and semi-infinite canopy) give for single-scattering canopy 
albedo, 

wp = 0.5[p + T + (p - T) cos2 $L)] 

WkPO It(L = 0, w + 0) = - 
1 + p k  (2.12) 

This expression can be made equal to the “exact” single-scatter limit by 
defining the direct-beam up-scatter parameter to be given by 

(2.13) 

where aSs(p) is defined by Eq. (2.6). With this substitution, solutions to 
Eqs. (2.8) and (2.9) should give excellent results for the visible solar 
albedo and acceptable results for the near-infrared albedo, for homoge- 
neous leaf canopies. Even for completely isotropic scattering wPo will be 
slightly different than p if p/G(p) is not independent of solar zenith. 

Note that p. = 1 provided either the leaves are horizontal (i.e., G = p’) 
or all orientations are of equal probability (i.e., G = 0.5, JA p’ dp’ = 0.5). 
However, p can be significantly larger (e.g., 1.2) for predominantly verti- 
cal leaves. Largely vertical leaves increase the average path of upward- 
diffusing light. The precise definition of p is somewhat arbitrary and is 
expressed differently by Ross (1981). 
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Equations (2.8) and (2.9) can be solved straightforwardly as constant- 
coefficient differential equations [reflection and transmission coefficients 
may be obtained from Eqs. (21) and (22) of Coakley and Chylek (1975) or 
Eqs. (14) and (15) of Meador and Weaver (1980)l. Of special interest is the 
albedo for a semi-infinite canopy, which may be written 

wpk 
[1 + (2PO - = (CY + pk)(l + C) 

1 )cl (2.14) 

where 
CY = (1  - w)'/2(1 - w + 2pw)'/2 

c = (1 - w)/a 

As w + 0, a+ 1 ,  c +  1 ,  and Eq. (2.14) reduces to Eq. (2.12). Equation 
(2.14) is useful for analyzing the albedo of the canopy to solar near- 
infrared radiation. For rough calculations of diurnal average canopy al- 
bedo, we can take ji = k = 2p0 = 2p = l ,  so that Eq. (2.14) simply 
becomes 

W 

= [l  + (1 - w)1/*]2 (2.15) 

For example, if w = 0.84, appropriate to the near-infrared beam, a, = 0.43 
compared to 0.21 for the single-scattering estimate for an optically thick 
canopy as obtained from Eq. (2.15) by assuming w = 0. The simplest 
expression for zenith angle dependence is obtained by taking p = 2p0 = 
2p = 1 but allowing k to vary. The consequent expression is discussed in 
Ross (1981, p. 327). 

To see under what conditions the finite thickness of a canopy need be 
considered, note that a reflected light ray has the average optical path per 
unit leaf area k + p-' = 2. Hence, corrections due to a finite canopy are 
roughly proportional to exp[ -2L(O)], which are negligible for an inte- 
grated leaf area parameter L(0) > 2. Full canopies generally have leaf area 
parameters roughly between 5 and 10. 

The preceding analysis has assumed a random distribution of leaf posi- 
tions; in other words, leaves in any infinitesimal layer AL are uncorrelated 
with any other such layer. However, on some plants leaves tend to orga- 
nize themselves into spatially correlated layers; in the extreme all the 
leaves in some finite leaf area increment A L may all be located at the same 
level. This situation is treated most simply for a semi-infinite homoge- 
neous canopy by considering the effect of adding one such layer to the 
existing canopy. This does not change the canopy albedo but gives a 
relationship between the canopy albedo a, and layer reflectivity and trans- 
missivity. If we denote the albedo of this layer to a direct and a diffuse 
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beam by pl,o and p1 and the transmissivity of this layer to a direct and a 
diffuse beam by ~ 1 . ~  and 71, respectively, then summation of all the multi- 
ple reflections between the canopy and added layer gives 

(2.16) 

This gives a quadratic expression for a, for any sort of layer. If all leaves 
are at the same level in each layer, ~ 1 . ~  = pwk AL, PI = pwp-’ AL, T ~ , ~  = 
1 - (1 - w + P0w)k AL, 71 = 1 - (1 - w + Pw)&-’ AL. For example, 
(a) if AL + 0, an expression equivalent to Eq. (2.14) is obtained. On the 
other hand, if we take AL = 1, p = po = 0.5, k = p. = 1, 

W 

1 + (1 - w2)1’2 
a, = (2.17) 

which was first derived by deWitt [cf. Eq. 2.10 of Goudriaan (1977)l. 
Equation (2.17) for leaves in incremental layers can be compared with 

Eq. (2.15) for randomly spaced leaves. The albedo of a canopy with 
random leaf position is seen to be not much more than half as large as that 
of the layered canopy for small w; for the layered canopy example, light 
trapping by shading of reflected radiation is small. 

Some plant canopies depart from random leaf positioning by organiza- 
tion of leaves into clusters or clumps. Clustering is characteristic of coni- 
fers where the needles are organized into “shoots” and the shoots into 
whorls (Norman and Jarvis, 1974, 1975). With clustering, the internal 
shading is larger than that for random leafpositions. The effect of cluster- 
ing on canopy albedo can be considered by treating each cluster as a 
single leaf unit with unequal reflection and transmission coefficients (Gou- 
driaan, 1977). Since these units will generally have lower albedos than a 
single leaf, a clustered canopy will generally have a lower albedo than it 
would if the clusters were individual leaves. 

For the above discussion, it has been assumed that leaves were uni- 
formly distributed in the horizontal dimension. However, many canopies 
have open spaces between individual plant elements with lower vegeta- 
tion or ground beneath and most have some individual plants that extend 
to greater heights than others. Such organization corresponds to clumping 
of canopy elements and further increases the internal shading. A single 
isolated cylindrical plant shades not only its own area, but also an addi- 
tional area hw tan 8, where w is the diameter of the plant and h its height 
(Brown and Pandolfo, 1969). If such cylindrical plants are randomly dis- 
tributed in space, the average fractional shading S due to their vertical 
extent is given by S = exp[-P tan 81, where P is the average vertical 
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cross-sectional area per unit horizontal area (Federer, 1971). If the can- 
opy has holes, P should be corrected for these, e.g., for random leaves 
P = Po[l - exp(-L')], where L'  is the effective leaf area index through a 
plant element in the direction of the solar beam, and Po is the vertical 
cross-sectional density for opaque plants. Vertical elements will diffusely 
reflect and transmit a fraction a,  and T, ,  respectively, of the radiation 
removed from the shaded area. Only half of the diffuse radiation will be 
upward, so for small ground albedos, a combination of vertical elements 
with dense leaves (7, + 0) and their underlying shaded area will have but 
half the albedo of a homogeneous canopy. Also note that the area shaded 
by vertical elements increases greatly with a lower sun. Hence, canopy 
inhomogeneities tend to reduce albedos more with a larger solar zenith 
angle. This dependence is the opposite of that for a homogeneous canopy 
as given by Eq. (2.14). 

The above discussion provides a basis for interpreting the wide range of 
plant canopy albedos that have been measured in nature. 

2.4. Summary of Parameters Determining Plant Canopy Albedos 

The following parameters together determine the albedo of a plant can- 
opy: 

(1) The spectral composition of the incident solar radiation. For a clear 
day, the ratio of visible to near-infrared solar flux typically varies diur- 
nally from 0.9 for a low sun to 1.1 for a nearly overhead sun, and albedo 
correspondingly decreases by about 0.02-0.03. This variation is due pri- 
marily to the greater solar zenith dependence of the Rayleigh scatter and 
ozone (Chappius band) absorption in the visible compared to that of the 
water vapor absorption in the near-infrared. 

On the other hand, near the summer solstice the solar zenith and, 
hence, visible fluxes change little with latitude, but less infrared radiation 
is incident on tropical surfaces due to larger amounts of water vapor in the 
tropical atmosphere. This relative depletion of near-infrared radiation 
lowers tropical albedos by 0.01-0.02 compared to midlatitudes. 

(2) The zenith angle of the incident solar beam. For a homogeneous 
canopy with equal probability for all leaf positions and orientations, Eq. 
(2.14) applies with & = 1, k = O.S/cos 8, so the albedo is proportional to 
(1 + 2a cos 8)-'. For visible radiation, a = 1, giving a decrease in albedo 
from sunrise to noon by a factor of 3, for near-infrared radiation, a = 0.4, 
giving a variation in albedo from sunrise to noon by nearly a factor of 2. 
Figure 5 (Idso et al., 1978), showing the albedo variation with solar zenith 
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FIG. 5. Variation of wheat field total albedo with solar zenith angle (Idso et al., 1978). 

of a wheat field, is typical of such variation for near-uniform crop cano- 
pies. It indicates a variation with solar zenith by a factor of 2-3 as sug- 
gested by Eq. (2.14). Rougher surfaces have less diurnal variation due to 
increased shadowing by the vertical faces of roughness elements as the 
solar zenith angle increases. Hence, conifers have a smaller variation with 
solar zenith than suggested by Eq. (2.14); pines have an increase of less 
than a factor of 2 and spruces practically no increase from sunrise to noon 
(Jarvis et a/., 1975). Spruces with their spire-shaped crowns depart more 
drastically from the assumption of a homogeneous canopy than do pines 
with their more rounded crowns. A solar beam normal to the spire-shaped 
spruce crown will penetrate farther into the foliage than a beam from an 
overhead sun; hence, in the vicinity of the top of the crown the back 
reflection will be greater at overhead than at low sun. The trapping of 
solar radiation by a spruce-fir forest at low sun is illustrated in Fig. 6. 

The architecture of spruce-fir forests, which nearly maximizes the pos- 
sible trapping of solar radiation from a sun near the horizon, largely 
explains why the average albedo of such forests is so low. Measured 
overhead sun albedos of spruce-fir forests are not much lower than the 
noontime albedos of other plant canopies (i.e., 0.1-0.15). Tropical forests 
with their multiple strata and isolated giant trees also have relatively weak 
variation of albedo with solar zenith angle. Pinker et al. (1980) discussed 
the diurnal variation of a tropical dry evergreen forest in Thailand. Their 
results as reproduced in Fig. 7 show about a 30% decrease of albedo from 
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FIG. 6. Sketch of the efficient trapping of a nearly horizontal solar beam scattered by a 
tree in a spruce-fir forest. As a consequence, albedos of this canopy may be somewhat 
lower for low sun than high sun in contrast to the solar zenith dependence of the albedo of a 
smooth homogeneous canopy. Roughening of other surfaces (e.g., plowing a field) can 
likewise lower albedos and weaken or reverse the increase of albedo with lower sun forward 
for homogeneous surfaces. 

sunrise (sunset) to noon, for both the tropical forest and an adjacent 
clearing. 

(3) The optical properties of individual leaves. Gates (1980) has listed 
mean reflectances and absorptances for a large number of deciduous plant 
leaves for both low and high sun. Most of his leaf reflectances with over- 
head sun lie between 0.2 and 0.3, but a few are as small as 0.15 or as large 
as 0.4. Low sun reflectances are typically about 0.05 larger, consistent 
with the expected diurnal variation of the ratio of visible to near-infrared 
radiation already discussed. Norman and Jarvis (1975) found a value of 
about 0.2 for spruce needle reflectances. Table 11, showing the spectral 

8 10 12 14 16 18 

LOCAL TIME 

FIG. 7. Diurnal variation of average albedo of a tropical forest (0) and clearing (0) 
(Pinker et al., 1980). 
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variation of leaf reflectances, has already been discussed. Albedos of 
homogeneous canopies at low sun are close to the albedos of individual 
leaf elements. The visible albedos of a homogeneous canopy are reduced 
relatively more at high sun than are the near-infrared albedos, since up- 
ward light leakage after multiple scattering is significant for the latter. 
Albedos of woody branches may be somewhat lower than those of green 
leaves, and dry nongreen leaves have higher albedos in the visible than do 
green ones due to their lack of chlorophyll but they also have lower 
albedos in the near-infrared (see, e.g., Gausman et a!.. 1976). 
(4) The structure of the canopy. As already discussed, inhomogeneity 

in the horizontal distribution of canopy elements lowers albedo, espe- 
cially for a low sun. Clumping of leaves or needles within an individual 
plant does likewise. According to Goudriaan (1977), differences in clus- 
tering are 

probably one of the main reasons why heather, gorse, and different types of woodland 
reflect less (about 0.16) than pastures and farm crops such as grains (about 0.23). It 
must be noted that broad-leafed species with a more regular leaf arrangement like 
sugar beet, cucumber, and bracken score even higher (about 0.26). 

It would be expected that taller vegetation would usually expose 
rougher surfaces to the incident solar radiation and so would have lower 
albedos. Such a correlation between vegetation height and albedo has 
been reported by Stanhill (1970) and Oguntoyinbo (1970) and is repro- 
duced in Fig. 8. 

Vegetative cover over drier terrain is also more in patches and clumps 
and hence should have lower albedos due to this structure compared to 
vegetation of the same average height in moist areas. 

(5)  The orientation ofplant leaves. As indicated by Eq. (2.14), a homo- 
geneous canopy with random leaf distribution and horizontal leaves has 
no solar zenith dependence. The greatest solar zenith dependence is ex- 
pected if the leaf orientations are largely vertical, i.e., k = G(p) /p  in Eq. 
(2.14) decreases more rapidly than l /p as p + 1 at high sun, since the leaf 
projection factor G(p) also decreases as p increases. Many plants arrange 
their upper leaves with nearly’ vertical inclinations to help capture the 
incident sunlight. Largely vertical needles at the end of conifer twigs help 
to reduce the albedo of a conifer forest at high sun. 

2.5. Snow Albedos 

Snow surfaces generally have much higher albedos than do other sur- 
face materials. Furthermore, since the extent of snow cover would vary 
with climate change, it provides an important and extensively discussed 
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FIG. 8 .  Variation in the albedo of plant canopies with height of the vegetation (based on 
Oguntoyinbo, 1970). 

feedback on surface temperatures in high latitudes, which couples to 
atmospheric temperatures by vertical and latitudinal transport. It is hence 
desirable that the descriptions of snow albedo in climate models be im- 
proved. 

Semiempirical models of snow albedo have been developed in the past 
to interpret existing data sets. The first entirely theoretical calculation of 
snow albedos has been presented by Wiscombe and Warren (1980). For 
the purpose of the radiative calculations, they assume that a snow field is 
equivalent to a homogeneous cloud layer of ice spheres of uniform radius. 
They consider radii ranging from 50 to lo00 pm, corresponding to ex- 
tremely fresh snow and old recrystallized snow, respectively. Besides the 
dependence on grain radii, they consider dependence on snow depth and 
solar zenith angle. Particles of the size range considered strongly forward- 
scatter the incident light. 

To see why this is so, note that the reflection from a particle large 
enough for geometric optics to apply is given by Fresnel’s formula, which 
for normal incidence depends only on the index of refraction n and is 
simply (n - 1)2/(n + 1)* = 0.02 (for ice and water). 

Most of the light entering a large sphere is not of normal incidence, so 
the average reflectivity is increased somewhat and further doubled by the 
additional reflection as the light leaves the sphere. The net reflection for 
large water or ice spheres is 11% or less of the light intercepted by the 



326 ROBERT E. DICKINSON 

sphere, depending on how much internal absorption occurs. The remain- 
der of the intercepted light ray, plus an amount equal to the intercepted 
light which is diffracted by the edge of the sphere, is bent somewhat in 
direction. This is the forward-scattered component. 

Light rays that have interacted with a large number of such spheres 
may be reversed in direction with a consequent large increase in the 
reflectivity of the assemblage of spheres compared to that of a single 
interface. This effect can be contrasted with the effect of canopies of 
leaves that have albedos lower than those of individual leaves. Due to 
their relatively large absorptances, leaves more effectively trap light than 
turn it around. 

Wiscombe and Warren (1980) use Mie scattering theory to determine 
the angular distribution of scattered light from a single snow grain and the 
“delta-Eddington” approximation for obtaining the snow albedo. The 
delta-Eddington approximation was developed particularly to solve ana- 
lytically radiative transfer problems with a strongly forward angular dis- 
tribution of scattered light. Their solution for snow albedo depends on the 
snow depth in liquid water equivalent, the radius of the snow particles, 
the albedo of whatever surface underlies the snow, the solar zenith angle, 
and the wavelength of the incident solar radiation. The optical cross sec- 
tion of the snow particles, hence optical depth for given snow depth, is 
approximately twice the geometrical cross section. The wavelength of the 
solar radiation determines the precise optical cross section and the param- 
eters w and g, where w as before is the fraction of light that is scattered 
rather than absorbed and g is the average of the cosine of the angle that 
the scattered light makes relative to the incident beam. The delta-Ed- 
dington approximation obtains solutions in terms of the parameters 

(2.18) 

(2.19) 

The absorption of weakly absorbing large spheres is proportional to 
their radii but their reflection is nearly independent of radii. Hence, the 
absorption per encounter, i.e., 1 - w, is proportional to radius, and large 
snow grains are more highly absorbing than small. Optical depth per unit 
mass is inversely proportional to grain radius. Hence, as the individual 
grains of a snow surface grow in size, absorption per unit mass remains 
about the same but back-reflection decreases, light penetrates more 
deeply, and more light reaches the underlying surface. Light also pene- 
trates more deeply in the visible than in the more strongly absorbing near- 
infrared. These dependencies are illustrated in Fig. 9 taken from Wis- 
combe and Warren (1980). It shows theoretical calculations of albedo for 
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FIG. 9. Values of diffuse albedo versus wavelength for a variety of snow depths expressed 
in liquid water equivalent and three values of grain radius: (a) 50, (b) 200, (c) lo00 km 
(Wiscombe and Warren, 1980). 

snow surfaces of three different grain radii and for several values of snow 
liquid water equivalent. For example, the surface albedo for grains of 
snow of 50-p.m radius and with 1 cm liquid water appears nearly the same 
as that for snow of infinite depth, but if the same amount of snow occurs 
in 1000-p.m grains, nearly half of the incident visible light penetrates it, 
and the albedo is correspondingly reduced. 

In the limit of deep snow, the delta-Eddington albedo a&) becomes 

(2.20) 
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where 

f =  1 - w*g*,  s = [3f-’(1 - w * ) ] ” ~  

Equation (2.20) is functionally similar to Eq. (2.14) for the two-stream 
albedo for plant canopies. The term g*sp in the numerator corresponds to 
the (2p0 - 1)c term in Eq. (2.14). For symmetric scattering, g = 0 and the 
delta-Eddington formulation reduces to the more well-known Eddington 
approximation. 

Wiscombe and Warren discuss extensively many of the currently avail- 
able observations of snow albedo and compare these with their theoretical 
results. They find good agreement in the near-infrared part of the spec- 
trum but predict albedos higher than those indicated by most observations 
in the visible. They consider possible errors in their analysis and conclude 
that the only likely explanation is the usual presence of small impurities in 
the snow. This possibility is examined in detail in a companion article 
(Warren and Wiscombe, 1980). They suggest 0.1-pm soot particles 
present at concentrations of about 0.1-1 ppm could reduce visible albedos 
to those usually observed. 

It is interesting to contrast snow albedos with those of sea ice. Ice 
without air bubbles has an albedo as low as that of a water surface. Sea-ice 
albedos are determined primarily by the size and distribution of air 
spheres in the ice. Snow, on the other hand, consists of ice “spheres” in 
air. In both cases, reflections occur at the air-ice interface whereas ab- 
sorption occurs within the ice. 

It would appear that there is now a good theoretical basis for including 
snow albedos in climate models. However, several problems arise in 
attempting accurate determinations of surface albedo in the presence of 
snow. First, in the context of the theory of Wiscombe and Warren (1980) 
it is necessary to determine the decrease of snow albedo due to the pas- 
sage of time. Snow albedos decrease because of growth of grain size, 
which depends on snow temperature and possible melting. They also 
decrease as more impurities collect on the snow surface. City d,wellers 
know how rapidly the surface of snow darkens due to accumulation of 
soot. However, there seems to be little observational evidence for the rate 
at which impurities darken old snow in rural areas. Such darkening could 
be important for modeling spring snow melt over continental areas. 

Also difficult to correctly parameterize are the effects of inhomoge- 
neities in snow coverage. As a result of drifting and other small-scale 
circulations, snow coverage is not of uniform depth even over a com- 
pletely level surface. Microrelief further contributes to irregularities in the 
depth of the snow coverage. 
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Finally, vegetative cover, from dry grass stems to conifer trees, may 
greatly reduce surface albedo if these obstacles are not completely cov- 
ered by snow. This point was nicely illustrated in the study by Federer 
(1971) of the effects of a leafless hardwood forest on surface albedo. 
Figure 10, taken from that study, shows that the stems and branches of 
the hardwood forest readily lower surface albedos by a factor of 2 over 
that of a bare snow surface. It is evidently important for climate models 
with snow prediction to prescribe other surface features that may shade 
the snow and only use albedos for deep snow when the surface features, 
vegetative or otherwise, are buried by the snow. Shading by dead vegeta- 
tion can also significantly darken desert surfaces (Otterman, 1981). 

2.6. Soil Albedos 

Soil and sand surfaces have a wide range of albedos from less than 0.1 
for black organic soils to greater than 0.5 for white sands. If soil occurs as 
small grains without small-scale surface corrugations and the near-field 
interference of radiation scattered by different particles can be ignored, 
its albedo can be calculated from Eq. (2.20) provided the optical parame- 
ters g and o are determined for the given particles. To my knowledge, 
such a calculation has only been attempted for Mars. This was done by 
Zurek (1978) in order to use measured surface albedos to help establish 
the optical properties of Martian dust clouds, presumed to consist of the 
same material as that lying on the surface. 

In 
In 

IL 
0.6 

a w 
................ .. ......... ............. 

__________-  ----- 
rn 
a 

n 
I 

90 80 70 60 50 40 30 20 
ZENITH ANGLE 

FIG. 10. Modeled variation of surface albedo of a leafless hardwood canopy for various 
values of solar zenith angle and ground albedo (due to degree of snow cover): (....-) 0.75, 
(----) 0.50, (-) 0.16 (Federer, 1971). 
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0.1 

Due to their larger index of refraction, grains of mineral dust are about 
twice as reflective as ice or water droplets. The fraction of radiation that 
interacts with a sphere in air and is backscattered is given by 0.5(1 - g). 
For large, nearly nonabsorbing ice and water spheres, g = 0.9, and for 
comparable rock spheres, g = 0.8. The scattering fraction parameter w for 
mineral grains is likely to be larger than 0.9 for largely quartz grains, 
depending on wavelength and particle size, but o can drop to between 0.7 
and 0.8 or less for particles made of darker rocks or with a ferric oxide 
coating. (The lowest possible value for w is 0.5-appropriate to soot; it is 
not zero since the optical cross section is about twice the physical cross 
section due to inclusion of radiation diffracted by the particle's edge.) 
These remarks regarding likely values of w are necessarily rather specula- 
tive because of the near-linear dependence of absorption on particle size 
and the wide range of surface particle sizes. Patterson (1981) has recently 
reviewed data on the optical properties of crustal aerosol. 

As an example of the application of Eq. (2.20) to a flat soil surface, Fig. 
11 plots its calculated albedo versus zenith angle for g = 0.8, w = 0.91. 
The dashed line illustrates the albedo expected from a mixture of direct 
and diffuse solar radiation. The relative fraction of diffuse radiation was 
assumed to be O.U(O.1 + p), varying from 0.1 at overhead sun to 1 at 
sunset, as might result from a mixture of Rayleigh and aerosol downward 
scattering of sunlight. The curve including diffuse sunlight resembles 
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FIG. 1 1 .  Theoretical variation of albedo with solar zenith for a flat sand surface. The 
curves represent albedos for the direct solar beam and are obtained from Eq. (2.20) by 
assuming w = 0.91 and g = 0.8 for dry sand (-) and g = 0.92 for wet sand (.-...) . The 
dashed curve is the same as the solid curve except it includes the diffuse light contribution to 
the albedo. 
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some observations of desert albedos (see, e.g., Ashburn and Weldon, 
1956). However, a simple theory based on Eq. (2.20) would only be ex- 
pected to apply under special conditions of a flat surface composed of 
large distinctive particles. The albedo of most soil surfaces varies much 
less with solar zenith angle than would be predicted by Eq. (2.20). 

Observational studies of soil albedo have been reviewed by Myers and 
Allen (1968) and Heilman et al. (1978). According to Myers and Allen, 
with reference to laboratory studies of soil albedo: 

These studies conclude that increasing particle diameter results in a decrease in reflec- 
tivity. This conclusion is correct only for the laboratory case of dispersed soils . . . 
fine textured soil materials usually have a darker tone than coarse soils. . . . Differ- 
ences in soil moisture and humus content, in general, overshadow differences in soil 
texture . . . In the undisturbed case, fine-textured soils generally have structure, 
which gives them the characteristics of aggregates coarser than sand. . . . Structure- 
less soils reflect 15% to 20% more light than soils with well-defined structure. 

Sands are perhaps better approximated than soils by a model of simple 
grains [e.g., Leu (1977) reports on correlation between reflectance and 
grain size of iron-stained beach sand]. 

Clumping of soil particles into aggregates is analogous to the previously 
discussed organization of plant canopies into clusters and such clumping 
should not only lower albedos overall, but also flatten the zenith angle 
variation inferred from Eq. (2.20). Coating of soil particles by humic and 
fluvic acids reduces the fractional scattering parameter of individual parti- 
cles. Presence of ferric oxide reduces scattering over the visible spectrum 
at wavelengths shorter than red. 

Soil moisture has long been known to lower soil albedos by typically a 
factor of 2. To see the likely reason for this, consider a soil surface that 
has been totally saturated and covered by water so that there are no 
interfaces between soil particles and air. Reflection would occur only 
from the air-water interface at the top of the soil and from soil-water 
interfaces. Since the index of refraction of water is 1.33 and that of rock 
particles is about 1.6, the reflectivity of soil particles in water is only 
about 0.4 that of soil particles in air. In other words, the asymmetry factor 
g changes from about 0.8 to about 0.92. The possible reduction of soil 
albedo due to water is illustrated in Fig. 11 by the curve calculated for g = 
0.92. As air penetrates the soil, there should be increased reflections from 
air bubbles. However, observations indicate no significant increase in the 
albedos of soils until their water content reaches field capacity, i.e., the 
level at which water is no longer freely draining through them. 

As moist soil becomes aerated, the problem of determining the transfer 
of radiation through it becomes complicated because of the mixture of air, 
water, and soil surfaces. However, it seems plausible that the dominant 
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effect of the water remains the reduction of the backscatter of light rays 
incident on soil particles. A similar explanation proposed by Angstrom 
(1925), involving total internal reflections in the water film covering a soil 
particle, has been discussed by Planet (1969). 

Another way to lower the albedo of a surface is by roughening it. For 
example, raking a dry soil will reduce its albedo and plowing it will lower 
the albedo even more. The basic principle involved is the same as that 
discussed for plant canopies (e.g., as illustrated in Fig. 6) and applies to 
any surface of low reflectivity. Some of the radiation reflected upward by 
a rough surface strikes other parts of the surface and is further attenuated. 
Furthermore, the radiation reflected from slanted surfaces will have a 
downward component that will also again strike other parts of the surface 
and be further attenuated. By contrast, all radiation leaving a flat surface 
is in the upward direction and none is returned to the surface (except by 
reflections within the atmosphere). 

The effect on albedos of large departures from flat planar surfaces has 
been studied most extensively in the context of clouds (e.g., as reviewed 
by Welch et al., 1980). Davies (1978) has derived a three-dimensional 
delta-Eddington formalism that could be applied to the question of the 
albedo of rough surfaces. 

Coulson and Reynolds (1971) made a detailed study of the variation of 
albedo between 0.3 and 0.8 pm for various surfaces. One particular soil 
they examined was “Yo10 loam.” The initial surface had been “disked.” 
They first obtained the albedo of the disked surface. They then estab- 
lished a flat surface by sprinkling water over it (“puddling it”). They 
obtained the albedo of this surface while wet and after it had dried. Figure 

- 40 

Dry puddlsd i----- - - -- - 30 
/--- 

- 2 0  _/*- _---- 
#-.-.ZZ - - - - Dry dlJlsd / /= 

L -- s-- _ / C C  

/--_ - --e=-- X - W d  
.a==- 

- IQ- - __- - --- ------ 
I 1 I I 

03 0.4 0 5  0 6  0 7  0 8  



SURFACE ALBEDOS AND ENERGY BALANCE 333 

12 shows their comparison of the albedos of the dry disked, wet puddled, 
and dry puddled surfaces. Remarkably enough, the albedo of a dry disked 
surface was about as low as that of the wet flat surface, whereas the 
albedo of the dry puddled surface was nearly double that of the other two 
surfaces. The albedo of these surfaces vaned only slightly with solar 
zenith angle, presumably due to their surface roughness and organization 
of soil particles into clods. A model of the effects of tillage on soil albedo 
has been described by Cruse et al. (1980). 

In summary, the primary factors establishing soil albedo are the follow- 
ing: (a) soil composition, especially the amounts of highly absorbing or- 
ganic and iron compounds, (b) particle size, (c) degree of aggregation of 
soil particles into larger soil units, (d) soil moisture, and (e) surface 
roughness. 

2.7. Surface Albedos for Climate Models 

As the preceding discussion has indicated, the processes determining 
land surface albedos are complex and far from completely understood in 
quantitative terms. Yet there will always be immediate requirements for 
some kind of albedo prescription to put into climate models. Table I11 
summarizes the prescriptions adopted by Dickinson et al. (1981) as a 
tentative basis for assignment of albedos in a climate model over snow- 

TABLE 111. VEGETATION AND GROUND ALBEDOS' 

Albedos 

Surface type Visible (A < 0.7 pm) Near-infrared (A > 0.7 pm) 

Bare nondesert dry 
soil wet 

Desert soil dry 
or sand wet 

Short vegetation 
(crops or grass- 
land) 

Conifer forest 
Midlatitude 

Tropical forest 
Tundra 

deciduous forest 

0.13 
0.05 
0.26 
0.10 

0.10 
0.04 

0.08 
0.04 
0.15 

0.26 
0.10 
0.52 
0.20 

0.30 
0.20 

0.28 
0.20 
0.40 

As adopted by Dickinson et nl. (1981). Over partially vegetated areas, albedos of bare 
ground and those of vegetative canopies are averaged. 
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INCIDENl 
BEAM 

TRAPS LIGHT 

FIG. 13. Sketch illustrating trapping of light by a hole in a forest canopy. Due to this 
mechanism, limited removal of trees from a forest with an otherwise near smooth canopy 
can lower the net surface albedo even though the underlying surface may have a higher 
albedo than that of the canopy. 

free surfaces. In considering the question of albedo change due to surface 
change, it is important to remember that it is not just the amount of 
vegetative cover that determines the albedo, but that the surface texture 
and structure are also quite important. For example, the common belief is 
that deforestation increases surface albedo. This is usually true in the case 
of complete tree removal, but selective cutting of trees would most likely 
increase the light trapping capability of a canopy and so reduce its albedo, 
as illustrated in Fig. 13. Further observational studies of surface albedo 
would be especially helpful if carried out with a theoretical framework in 
mind and if directed to the question of surface albedo changes due to land 
use change. 

It is important in calculating snow albedos in a climate model to ac- 
count for the effects on albedo of overlying vegetative canopies and of 
variations in the snow depth. Decrease of snow albedos due to crystal 
growth and accumulation of impurities appears to be quite important, but 
there is yet little observational basis for incorporating these effects into 
climate models. 

3.  SURFACE ENERGY BALANCE 

Principles of energy balance are fundamental to the functioning of land 
surfaces as a component of the climate system. They determine (a) the 
temperature of surface objects, (b) the rate at which the surface loses 
water by evapotranspiration, and (c) the fluxes of energy between the 
surface and atmosphere. The basic statement of energy conservation is 
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simply that the net flux of energy into a surface object must equal the rate 
at which the object is storing energy or, stated as an equation, 

FSTORAGE = F R ~  - L ~ F E  - FH (3.1) 

where F s T o u ~ ~  is the rate at which energy is stored, FR,, is the net radia- 
tion absorbed by the surface, FH is the flux of sensible heat away from the 
surface, FE is the evaporative water loss from the surface, and L, is the 
coefficient for latent heat of evaporation (or sublimation if the surface 
water is in the form of ice or snow). The storage term includes the thermal 
energy required to melt snow or ice, or the negative energy required to 
freeze it. Equation (3.1) applies to the surface as a whole or to its individ- 
ual components, in particular, to the ground and to plant canopies or parts 
of the plant canopy (e.g., individual leaves). The terms of Eq. (3.1) gener- 
ally depend on the temperature of the surface; if their relationship to 
temperature can be expressed mathematically, Eq. (3.1) may be used as 
an equation for determining surface temperature or the temperature of 
individual surface elements, given values for the other parameters that 
enter into the relationships. 

The intent of this section is to summarize some of the aspects of surface 
energy balance considerations that are important for global climate 
models. Another review from a somewhat different perspective has re- 
cently been given by Monteith (1981). 

After determining temperature(s) by solution of Eq. (3. I ) ,  the individual 
flux terms may be evaluated to obtain the energy exchange between the 
surface and atmosphere. In observational studies, temperature is gener- 
ally obtained by measurement, and Eq. (3.1) is used directly to establish 
fluxes. The moisture flux is usually emphasized in such studies because of 
its importance for soil water usage. 

If the surface is characterized by a single temperature, the net radiative 
fluxes can be decomposed into the following individual terms: 

where FL is the incident solar flux obtained from an atmospheric model as 
expressed by Eq. (2.2), a, is the surface albedo. Bars over quantities are 
used to indicate a diurnal average; Fh is the downflux of thermal infrared 
radiation at the surface, a fraction (1 - L) of which is reflected, and EUT: is 
the surface thermal emission, where o is the Stefan-Boltzmann constant 
and L is the thermal emissivity. The term F;Rn is the diurnal variation of 
net infrared cooling at the surface. The accuracy of Eq. (3.2) is improved 
if, as previously discussed, the dependence of a, on wavelength and inci- 
dence angle are accounted for by including separate terms for visible and 
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near-infrared fluxes and for the direct and diffuse components of the solar 
beam. The emissivity e is significantly wavelength-dependent at least for 
those surfaces for which it departs greatly from unity (e.g., quartz sand). 
If this spectral dependence is not to be accounted for in detail, it has been 
suggested by V. Ramanathan that at least the emissivity of the 8- to 12-km 
window region be treated separately; at other thermal infrared wave- 
lengths the downward radiation is emitted from near-surface atmospheric 
water vapor and its reflection nearly compensates for the reduction in 
surface emission due to e being less than unity. The term FiRn can be 
approximated by 

For considering more than one type of surface, Eq. (3.2) is further decom- 
posed into an appropriately weighted average over the surfaces involved. 

The outward fluxes of sensible heat and water vapor from surfaces are 
usually obtained from the aerodynamic transfer formulas 

where pa is the density of surface air; Cp is the specific heat of air; CDH and 
CDE are aerodynamic transfer coefficients for heat and moisture, respec- 
tively; V is the near-surface wind velocity; T, is near-surface air tempera- 
ture; q, is the water vapor concentration of air immediately adjacent to the 
surface; and qa is the near-surface water vapor concentration. The quanti- 
ties CDH, CDE, q,, and T, are all evaluated at some reference level. This 
level is usually assumed in climate models to be 10 m above the surface 
(or 10 m above the zero displacement level of the near-surface logarithmic 
wind profile for tall vegetation), but for observational studies over land 
the reference level is often taken to be 2 m above the surface (anemometer 
level). 

The coefficients CDH and CDE may be nearly equal and generally depend 
on surface roughness and also on temperature lapse rate and wind shear 
(e.g., as combined into a “Richardson number”) as well as on the chosen 
reference level. In a comprehensive climate model, T, and qa and the 
information required to obtain the aerodynamic transfer coefficients (ex- 
cept surface roughness) would be determined from an atmospheric 
boundary-layer parameterization. Consideration of surface energy bal- 
ance processes is required to obtain T, and 4,. 

To show how surface energy balance [Eq. (3. l)] and the energy transfer 
relationships [Eqs. (3.2)-(3.5)] are applied in practice, a number of spe- 
cific examples are now discussed. 
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3.1. Uniform Single Surface with No  Heat Storage and Saturated Air 

The assumption FST~RAGE = 0 is frequently used in climate models 
because of its simplicity. It is approximately satisfied for land surfaces 
averaged over 24 hr but leads to large errors in determining surface tem- 
perature, sensible heat flux, and latent heat flux instantaneously over a 
diurnal cycle. 

For this example, the surface is assumed to be moist. The concentra- 
tion of water vapor adjacent to a wet surface is a known function of its 
temperature (equal to that of the surface), i.e., 

4s = 4fAT(Ts) (3.6) 

where qsSAT is the saturated water vapor concentration. For this example, 
the overlying air is also assumed to be saturated, hence 4, = qBAT(Ta). 
With no storage, Eq. (3.1) becomes 

L v F ~  i- FH = F R ~  (3.7) 

where all the terms in Eq. (3.7) are functions of T, as found from Eqs. 
(3.2)-(3.6). Hence, given atmospheric parameters, Eq. (3.7) is solved for 
T,. As a simple numerical example, take V = 6 m sec-'-a somewhat 
strong surface wind, and C D H  = CDV = 2.75 X lOP3-a typical value for 
the aerodynamic drag coefficient evaluated at the 10-m level over a 
smooth bare ground surface under conditions of neutral stability; then 
p a C p C ~ ~ V  = 20 W K-I. If qa is also saturated at T,, LJq,  - 4,) 
= B;'Cp(Ts - T,), where B;' = Lv(dqSAT/dT)/Cp.  Implicit in the assump- 
tion of 4, being saturated is the formation of dew when T, drops below T,. 
The term Be is referred to as the equilibrium Bowen ratio; Be = 1 at T = 
7°C. Its inverse B;' can range from 5 for a warm tropical or summer day 
( T  = 35°C) to 0.1 in polar winter ( T  = -30°C). 

For the sake of argument, assume B i l  = 3, appropriate to T = 25°C. 
Equation (3.7) then reduces to 

As(Ts - Ta) = F R n  (3.8) 

where A, = paCpCDHV(l + B ; ] )  = 80 W m-2 K-I. Typical maximum 
clear-sky values for FR" with nearly overhead sun (e.g., June in midlati- 
tudes) is 600 W During the night, the value of FR,, depends on T, ,  
atmospheric moisture, and cloudiness; during midlatitude summer, a typi- 
cal value would be FR,(night) = -0 .2aTt  = -80 W rw2. 

Given the above values of F R n ,  

T, - T, = 73°C (daytime) 
Ts - T a  = -1°C (night) 
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An atmospheric boundary-layer model, in turn, determines T, from T, and 
atmospheric temperature at higher levels; for example, a simple model 
parameterization used in past NCAR GCMs (Washington and William- 
son, 1977) of the balance between surface sensible heat transfer and con- 
vection of that heat into the atmosphere gives 

Ta = TTr + ( 1  - q)Ts  (3.9) 

where q is a weight factor between 0 and 1 depending on the ratio of the 
vertical eddy diffusion coefficient to the aerodynamic drag coefficient and 
T, is the temperature the near-surface air would reach by atmospheric 
mixing if there were no energy exchanged with the surface (i.e., it is the 
temperature of the lowest model layer, e.g., centered at 1.5 km for past 
NCAR GCMs, and extended down to the surface by some prescribed 
lapse rate). Equation (3.9), together with Eq. (3.81, gives T, and T, in 
terms of T, and FR,,, i.e., 

(3.10) 

As typical values, assume q = 0.8 for midday and q = 0.2 for night. 
During the day, T, is strongly coupled to the atmosphere above by con- 
vection; the example gives 

T, = (q-' - I)Fk/A, + T, 
Ts = FRn/($h)  + Tr 

T, = 1.9"C + T,, 

while during the night there is little vertical coupling in the atmosphere; 
the numerical example gives 

T, = -4°C + T,, 

T, = 9.4"C + T, (daytime) 

T,  = -5°C + T, (nighttime) 

As the numerical example indicates, atmospheric temperatures near the 
surface commonly are about as much out of balance with the free atmo- 
sphere at night as they are during the day. The much weaker cooling of 
the surface at night compared to its heating during the day is compensated 
by the much weaker nighttime convective coupling to the free atmo- 
sphere. 

The above numerical example gives a 6" diurnal range of near-surface 
air temperature, which is typical for moist areas and for latitudes and 
seasons appropriate to the solar heating assumed here. There are many 
possible inaccuracies in this example; the major ones involving surface 
processes are the assumptions that there is no subsurface energy storage, 
that atmospheric air is saturated, and that the surface soil remains moist 
at midday. For a diurnal cycle of heating, a column of moist soil has a 
thermal inertia which is typically about 10 W m-*. In this example, the 
thermal inertia reduces the difference between T, and T, by about 10%. 
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Under conditions of weak surface winds (i.e., V < 1 m sec-I) or dry soil, 
the soil thermal inertia is a major factor in determining the amplitude of 
the diurnal cycle of surface air temperature in nonvegetated areas. 

Also, even if the nighttime air is saturated with respect to water vapor, 
it will not generally be saturated during the day. A 2.0"C increase of 
temperature increases the amount of water vapor required for saturation 
by about 12%. However, daytime convection prevents qa from increasing 
much over its nighttime values, and daytime relative humidity in a moist 
region is likely to be about 6040%. Consequently, if the surface soil 
remains moist, midday evaporation will proceed at a greater rate (e.g., 
50% faster) than that deduced here and nighttime dew formation will be 
slower or nonexistent, all other parameters being the same. Both inclu- 
sion of thermal inertia and lower air relative humidity act to reduce the 
daytime temperature maximum from that inferred here. The surface 
transfer coefficients would increase over their neutral values during the 
day and decrease at night, which would also reduce the daytime maxi- 
mum temperature but amplify the nighttime temperature decrease. These 
errors were partially compensated for in the example by the assumption 
of a surface wind V ,  somewhat larger than typical. Also note that it is 
common for the surface soil to be dry at midday even if moist at night, and 
this dryness may reduce the evaporative flux and so allow the surface to 
be warmer. Since surface winds can range anywhere between 1 and 10 m 
sec-I, the inferred diurnal temperature could assume a wide range of 
values. 

If the ground were so dry that no daytime evaporation or nighttime dew 
formation could occur but all other parameters were the same, then A, = 
20 W m-2 K-I and we would have 

T, = 7.5"C + T,,  
T, = -16°C + T,,  

T,  = 373°C + T, 
T, = -20°C + T, 

(daytime) 
(nighttime) 

For this example of dry soil, heat storage by conduction into the soil could 
reduce the inferred daytime T, by as much as lYC, and return of this heat 
during the night would also reduce the nighttime temperature drop from 
that inferred here. 

3.2. Thermal Capacity of Soil and Snow Surfaces 

Here the effect of F~TORAGE on surface temperature is evaluated as the 
rate of heat conduction into the underlying surface, which for soil or snow 
can be written 

(3.11) 
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where ps is the surface density, C, is the specific heat of surface material 
per unit mass, k, is the surface thermal diffusivity (units of m2 sec-I), z is 
the depth into the soil, and T(z )  is the subsurface temperature. The heat 
capacity per unit volume psCs for soil varies primarily with soil water 
content and may be evaluated from 

pscs = (0.23 + pw)Cw (3.12) 
for a typical soil half-filled by voids (see, e.g., deVries, 1963). The term p, 
is the volume of liquid water per volume of soil and C ,  is the specific heat 
of water per unit volume. The thermal diffusivity k, of soil depends on soil 
moisture, and fractional concentrations of organic material and quartz; k, 
decreases with decreasing moisture, decreasing quartz content, and in- 
creasing organic content. For a typical loam soil, k, = 5 for soil moisture 
varying from saturated to nearly dry but drops to 2 for oven-dry soil (in 
units of m2 sec-I) (see devries, 1975, Fig. 3.1). For peat, k, can be as 
low as 1 and for moist quartz sand as large as 9 in the same units. For 
snow, k, and psC, depend on p,,, the snow density relative to water, i.e., 

(3.13) 
PSC, = 0.49P,WCW (3.14) 

Typical values of psw for surface snow range from 0.1 (freshly fallen snow) 
to 0.3 (old snow) (see, e.g., Anderson, 1976). Hence, snow thermal diffu- 
sivity near the surface varies between 2 x m2 sec-I; it 
has about the same range of values as loam. However, the heat capacity 
of fresh snow is an order of magnitude less than that of moist soil, primar- 
ily because of its large air content. Due to its low heat capacity, a snow 
surface is much more insulating than is a soil surface. 

The temperature gradient term aT/az  in Eq. (3.11) is evaluated by solu- 
tion of the equation of thermal conductivity: 

k, = 14 x 10-7p,, m2 sec-I 

and 5 x 

(3.15) 

[Equation (3.15) is derived by neglecting the variation of psCsk, with 2.1 
For periodic forcing proportional to exp(iut), this equation has the solu- 

tion 
(3.16) T(z) = T, + (T ,  - f’,) e~p[-(iu/k,)’/~z] 

where T, is the diurnal average temperature. Hence 

FSTORAGE = psCs(ks~)”2(Ts - Ts)  exp(i.rrM (3.17) 
The significance of the exp(id4) = i l l 2  term is that the rate of heat storage 
leads maximum surface temperature by B period (3 hr). For numerical 
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models of the diurnal cycle, it is convenient to approximate F S T O ~ G E  by 

(3.18) F~TORAGE = csoIL[U-l  at + ( T ~  - TJ 

hence simulating the storage phase lag. With the soil “thermal inertia” 

1 a TS 

C S 0 , L  = psC,(0.5k,u)”2 (3.19) 

Equation (3.18) reduces to the “exact” solution for diurnal periodic forc- 
ing, since (0.5)1/2(1 + i) = i1’2. This approximation is referred to as the 
“force-restore’’ procedure; its accuracy for realistic diurnal forcing has 
been demonstrated by Deardorff(l978) and again by Lin (1980). For moist 
soil corresponding to pw = 0.33, Eq. (3.12) gives psC, = 2.34 x lo6 J m-3. 
With a loam soil value of k, = 5 X lo-’ m2 sec-I, and diurnal forcing u = 
7.3 x lo-’ sec-I, the soil thermal inertia becomes CSOIL = 10 W m-2 K-I. 
As extreme cases, a very dry soil might have CsolL = 4 W m-2 K-’ and a 
saturated soil, Cs0lL = 20 W m-2 K-I. 

The soil heat storage as indicated by Eqs. (3.17) and (3.18) has a term in 
phase with T, ,  hence with the sensible and latent fluxes, and a term equal 
in magnitude to the first term but leading T, by a quarter-day. The sum of 
these two terms gives the 3-hr phase advance previously noted. 

3.3. Nonsaturated Air over Bare Ground 

Now both q, and qa are assumed to be less than their saturated value; in 
general, they then can be written 

4s = yq:AT + (1 - r)qa (3.20) 
qa = hqiAT (3.21) 

where y and h are parameters lying between 0 and 1. The parameter h is 
simply the relative humidity at the reference level at which qa is evalu- 
ated. The parameter y is determined by the diffusion of water upward 
through the soil in response to evaporative demand. It is usually near 1 at 
night when demand is low and drops to its lowest value in early afternoon 
when evaporative demand is greatest; this minimum value depends on the 
maximum rate water can diffuse upward through the soil from its storage 
in underlying layers. The relative humidity h will also generally be small- 
est in early afternoon. 

From Eqs. (3.20) and (3.21), 

(3.22) 
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The latent heat flux due to this humidity difference is obtained from 

U q s  - qa) yhBiI(Ts - Ta) 
+ $1 - h)[Bi’(T, - T,) + LvQ:AT (3.23) 

Using Eq. (3.23) to evaluate latent heat fluxes and Eq. (3.18) to evaluate 
soil heat storage, we can write the ground energy balance, Eq. (3.1), as 

T,)  = F (3.24) 

where 

F = F R n  + F ; R n  - P a L v  CDE Vy(1 - h)q:AT 
A1 = P a C p C D H  v[1 -t yh(CDE/CDH)Brll 
A2 = ~ E u T I  + CSOIL + y(1 - h)paCpCDEVB,I 

At this level of complexity, detailed numerical computations are best 
done by computers. The objective here is to reveal the general structure 
of the response of surface temperature to the diurnal cycle of solar 
heating. 

According to Eq. (3.24), two “restore” or “feedback” factors act to 
limit the daily range of T,. First, sensible and latent heat fluxes as summa- 
rized in hl act to restore T, back to the temperature of overlying air. The 
ratio of sensible to latent fluxes in this term, denoted B,, is given by 

(3.25) 

Both dryness of the soil (y < 1) and dryness of the air at the reference 
level (h  < 1) act to increase B, and hence reduce A l  over that inferred for 
saturated conditions. Second, three terms act to restore surface tempera- 
ture to its diurnal average value. These terms are infrared thermal damp- 
ing (4~aT:  = 6 W m2 K-I), the soil thermal inertial (CSOIL = 10 W mP2 
K-I), and the diurnal variation of evaporation resulting from departures of 
the reference level air from saturation. This last term is quite variable, but 
would typically be in the range 10-30 W m2 K-’ and it is unlikely to be 
much larger than 100 W m-2 K-’ except under conditions of extremely 
dry air, extremely strong surface winds, and moist soil. It would, for 
example, be a dominant term in the heat balance of a desert oasis. 

It is useful to note that since A1 and A2 are usually considerably larger 
than CsolL, the balance between the diurnal variation of F and the restore 
terms is primarily responsible for determining the magnitude of the diur- 
nal range of T,. 

With neglect of aT,/At in Eq. (3.24) and with the assumed coupling 
between T, and equilibrium air temperature T, given by Eq. (3.9), Eq. 
(3.24) can simply be solved for T, and T,. 
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The solution for T, is 

343 

(3.26) 

where 

This expression may be compared to Eq. (3.10) derived assuming satu- 
rated conditions and neglecting contributions to h2.  It shows, for exam- 
ple, that for weak enough coupling to the overlying atmosphere (q G l) ,  6 
= 1 and 

T,  T,  T ,  + FIA2 

In other words, the restoration to T, dominates the diurnal variation of T, 
and T, during conditions of extreme vertical stability. 

In summary, the above analysis reveals the role of various parameters 
which determine the diurnal cycle of surface soil and air temperature. The 
diurnal cycle of evaporation and sensible heat fluxes also follows from T,, 
T,, and T, by use of Eqs. (3.23), (3.4), and (3.5). However, obtaining more 
quantitative results requires modeling the soil moisture fluxes to obtain 
the parameter y used in Eq. (3.20). A numerical model of diurnally vary- 
ing surface energy balance and evaporation which includes a realistic soil 
moisture flux parameterization but with prescribed atmospheric tempera- 
tures and humidity has been developed by van Bavel and Hillel (1976). 

The analysis given above has also suggested the importance of the 
convective coupling of the surface to the free atmosphere for determining 
surface temperatures. A realistic treatment of this coupling requires a 
model of the planetary boundary layer. 

In summary, the instantaneous temperature of near-surface air over 
bare ground, for given solar fluxes, is determined by some combination of 
the temperature of air aloft, diurnal average ground temperature, and 
radiative forcing. The relative weight given to these factors depends on 
the strength of vertical atmospheric mixing, atmospheric humidity, sur- 
face winds and roughness, and soil moisture. Diurnal variation of these 
factors influences mean as well as diurnal temperature variations. On the 
one hand, peak vertical convection at times of maximum solar heating and 
little vertical coupling during the night both lower the average surface 
temperature from that which would be inferred by using diurnal average 
heating and convection. On the other hand, the diurnal cycle of surface 
soil moisture acts to raise daytime surface temperature over that which 
would be inferred from diurnal average moisture conditions. 
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3.4. Evapotranspiration from Vegetative Cover 

Most land surfaces are at least partially shaded by vegetation; hence, 
consideration of the energy balance of vegetative canopies is quite impor- 
tant for global climate models. The most general models of the microme- 
teorology within vegetative canopies approximate the canopy by a suffic- 
ient number of vertical layers to adequately resolve vertical variations of 
temperature and humidity within the canopy. Such a model has recently 
been used to calculate the water usage of different plant covers (Sellers 
and Lockwood, 1981a,b). Vertical-layered canopy models calculate net 
energy exchange by each layer, depending on the vertical distribution of 
absorption of solar radiation within the canopy, and the winds and eddy 
diffusion within the canopy. 

A convenient simplified approach that appears to simulate at least qual- 
itatively the role of plant canopies with regard to surface energy ex- 
changes is to model the canopy with a single layer of uniform properties. 
This approach has been referred to as the "big leaf' model by Sinclair et 
al. (1976), who made detailed comparisons between the transpiration and 
photosynthesis calculated from such a simple model and from a detailed 
layer model. They found remarkably good agreement between the numer- 
ical results inferred from these two approaches. 

In the simplest models, the presence of any underlying surface is ne- 
glected. The heat storage of plant canopies is usually also considered 
negligible, implying a balance between radiative, convective, and latent 
heat fluxes as expressed by Eq. (3.7), with the fluxes obtained from the 
aerodynamic transfer formulae, Eqs. (3.4) and (3.3, written in the form 

FH = PaCpffi'(T/ - Ta) (3.27) 

FE = PafEl(q/ - qa) (3.28) 

where ti '  = CDHV and i ~ l  = CDEV; TI and q1 are the temperature and 
water vapor concentration, respectively, on the surface of the canopy 
leaves; Ta and qa refer to temperature and humidity, respectively, at some 
reference level above the canopy. Observational studies evaluate these 
latter quantities at the zero level of the logarithmic wind profile, neglect- 
ing additional foliage boundary layer resistance (cf. Thorn, 1975). 

If the relative area of transpiring vegetation equals LA*, then the flux of 
water out of the leaves, which must balance FE, is given by 

FE = Par;'LAI[qSAT(T/> - 411 (3.29) 

The term rs represents the resistance of the leaf stomata to water diffusion 
through the leaf. The first term in the brackets is the water vapor concen- 
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tration inside a leaf, which is generally assumed to be the saturated con- 
centration at the temperature of the leaf. If the leaf is wetted by rain or 
dew, q/ is also at this saturated concentration. The flux is generally still 
nonzero, implying rs = 0. 

Elimination of qr in Eqs. (3.28) and (3.29) gives 

(3.30) 

where rE = L A ~ ~ E .  It is convenient to decompose the humidity difference 
in Eq. (3.30) into a term due to temperature difference and a term due to 
the relative dryness of the overlying air, i.e., by taking 

qSAT(T,) = B,'L;'C,(T, - T,) + qSAT(Ta) (3.31) 

where again B i l  = L,C;'(dq/dT).  It has been found convenient in obser- 
vational studies of transpiration, to eliminate (TI  - T,) in Eq. (3.27) in 
terms of FE using Eqs. (3.30) and (3.31), and from the assumption of 
energy balance to obtain a single expression for F E .  If we denote as the 
mixing ratio deficit, qSAT(Ta) - qa = A q ;  and r H  = L A I ~ H ,  this expression 
may be written 

(3.32) 

where Be = r$Be(rE + r s ) .  Equation (3.32) is equivalent to Eq. (134) of 
Thom (1975), and its original derivation is credited to J. Monteith. 

Equation (3.32) shows that transpiration is driven by net radiative heat- 
ing and ventilation by dry atmospheric air. The term Be is the canopy 
Bowen ratio for saturated atmospheric air. In other words, if atmospheric 
air is saturated, the stomatal resistance increases the Bowen ratio over 
that for a moist surface. Daytime values of stomatal resistance rs for green 
leaves are usually found to be in the range 100-lo00 sec m-I. Tall grass or 
crops would typically have transfer coefficients CDH, CDV about four 
times as large as was appropriate for the smooth surface previously con- 
sidered. With these larger coefficients but other parameters the same as 
before, rilLAIPaCp = 80 W m-* K-I, and the aerodynamic resistance to 
heat transfer is rH = 15LAI sec m-l, or for typical values of LA1 = 5 for a 
well-developed canopy, rH = 75 sec m-l, which is the same magnitude or 
somewhat smaller than r s .  Short grass prairies would have CDH decrease 
by a factor of 2 and rH increased by a factor of 2. On the other hand, CDH 
for forests is an order of magnitude larger than for crops and grassland, 
but winds are somewhat weaker and so for forests rH typically assumes 
-values of the order of 10-30 sec m-I. 
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The water vapor transfer coefficient rE1 is usually assumed to have the 
same value as the heat transfer coefficient T i 1 .  If a significant fraction of 
the canopy surface area consists of stems, branches, trunks, dead leaves, 
or other nontranspiring surfaces, then effective stomatal resistance rs 
should be increased by the ratio of total surface to transpiring surface. 
More generally, if the canopy consists o f j  nonwetted surfaces with rela- 
tive area Aj and stornatal resistance r { ,  then the average stomatal resis- 
tance for these surfaces is given by 

r,' = 2 (AjlrjS) (3.33) 

In this expression, the fraction of dry nontranspiring surface has r', = x. 

The evaporation from wetted surfaces is calculated separately. 
The net stornatal resistance of a dry forest canopy evidently can greatly 

influence Be and thus the sensible heat fluxes relative to latent fluxes for 
nonsaturated air. However, under conditions of weak radiative fluxes or 
large mixing ratio deficit, FE for a forest still exceeds that for a grassland 
because of the larger roughness of the forest and hence the larger transfer 
coefficient CDV. For example, if we neglect FR,, in Eq. ( 3 . 3 2 )  and assume 
Be s= 1 ,  then 

(3.34) 

which for rE not much smaller than rs decreases significantly for increas- 
ing surface smoothness. In the limit described by Eq. (3.34), the canopy 
functions as a wet bulb and collects sensible heat from the atmosphere for 
canopy evapotranspiration. This limit with rs = 0 qualitatively describes 
the large interception losses (reevaporation from leaves) that can occur in 
forests during precipitation events and nonsaturated surface air [e.g., as 
measured by Stewart (1977) and modeled by Murphy and Knoerr (1  9791. 

In arid regions, the stornatal resistance rs may increase greatly at times 
due to scarcity of soil moisture. Recent studies of the evaporation from 
natural prairies include those of Ripley and Saugier (1978) and of Parton et 
al. (1981). 

3.5. Temperature of a Nontranspiring Canopy 

Monteith's formula, Eq. (3.32), has been widely used in studies of 
water budgets of plant canopies, when the net radiation FR,, is obtained 
from observations. In climate models, on the other hand, FR" needs to be 
calculated from model parameters. It depends in part on the exchange of 
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thermal infrared radiation between the canopy, ground, and overlying 
atmosphere, which in turn depends on the temperature TI of the canopy 
elements. Hence, it is appropriate to formulate the energy balance equa- 
tion in terms of TI as the primary dependent variable [e.g., as done by 
Deardorff (1978)l. Consider now the simplest example of such a formula- 
tion-a nontranspiring surface, such as provided by branches and dead 
leaves, or a slatted roof. For simplicity, exchange with any underlying 
surface is neglected. The absorbed radiation FR, is decomposed into two 
parts: 

FR, == FR, - EuT;' 

where FR, is the part of the absorbed radiation that does not depend on 
surface temperature, and raT;' is the canopy (leaf) blackbody emission. 
Surface energy balance then requires 

(3.35) 

which is easily solved for TI in terms of FR,, and T,. For example, if we 
subtract diurnal average terms from Eq. (3.3% and take F k , ,  TI', and T', 
to represent departures from the diurnal average of &,, TI, and T,, re- 
spectively, then Eq. (3.35) can be solved approximately for T I :  

PaCpi i l (T~ - T,) 4- LuTf = FR, 

(3.36) 

where for the assumed dry surface A l  = p,CpFil and A2 = 4ruT: are 
assumed to have no diurnal variation. If, as before, A l  = 80 W m-2 K-I 
(appropriate to crops or tall grass), A 2  = 6 W m-2 K-*, and FR, = 320 W 
t r 2 ,  then Ti = 0.93 Ti + 3.7". Jackson et al. (1981) have found similar 
temperature differentials in observing a dry wheat canopy. Again, Ta and 
TI are also related by the requirement of continuity of heat flux into the 
atmosphere, as expressed by Eq. (3.9), which could be linearized to give 
another relationship between T', and TL. It is more realistic to include 
exchange with an underlying surface (e.g., the ground) as well. If that 
surface has temperature Tg and also emissivity L, and the canopy has the 
same temperature on top and bottom, then a term ED( Ti - f l )  is added to 
the left side of Eq. (3 .39 ,  and Eq. (3.36) becomes 

(3.37) 

where TL represents the departure of Tg from its diurnal average. 
Note that if TL = T i ,  Eq. (3.37) reduces to Eq. (3.36). The net radiative 

exchange between canopy and underlying ground has a magnitude of at 
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most about 10 W m-2. It is usually neglected in micrometeorological 
studies. However, it can be the primary term heating the ground under a 
well-developed plant canopy, and hence helps to force the ground temper- 
ature to approach that of the plant canopy. 

3.6. Modeling the Temperature of a Transpiring Canopy 

If the stomatal resistance of the canopy is finite FE must be included in 
evaluating the energy balance. Its dependence on leaf temperature is 
obtained from Eqs. (3.30) and (3.31). which can be used, for example, to 
relate the diurnal fluctuation in leaf temperature to a diurnal forcing term, 
i.e., define F* as 

F* = F k ,  - paLvr;’(qiAT - qa)’ (3.38) 

where ( )’ denotes departure from diurnal average. Equation (3.37) gener- 
alizes to include transpiration if F* from Eq. (3.38) is used in place of F k ,  
in Eq. (3.37) and paCpB;’(r, + rV)-ILAI is added to XI. 

The difficult problem in including evapotranspiration in evaluating the 
energy balance of a canopy is the specification of the stornatal resistance 
r,. The following three questions arise: 

(1) How is the fraction of surface area covered by water from rain or 
dew and the corresponding canopy water storage determined? Deardorff 
(1978) suggested a simple parameterization for the fractional wetted area; 
considerable research in forest hydrology has been devoted to the ques- 
tion of canopy water storage because of its importance in determining 
how much rainfall is reevaporated from the canopy (see, e.g., Rutter, 
1975). 

(2) If the plants have an ample soil water supply, what environmental 
parameters determine the stomatal resistance r,? The stomata of most 
nondesert plants respond to solar radiation and are closed at night. Their 
resistance varies, in addition, with atmospheric temperature and with the 
difference between water vapor concentration and its saturated value 
[see, for example, the discussions of Jarvis (1976) and Hinckley et al. 
(1978)l. 

(3) How is plant transpiration regulated under conditions of dry soil? 
Under moisture stress, stomata control water flow to match that available 
from the soil. 

Plant physiologists have studied extensively the flow of water through 
plants as driven by “potentials” along the pathway of water from soil, 
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through roots, stems, and leaves. The mesophyllic cells in leaves develop 
negative osmotic potentials by assimilating dissolved ions, and these po- 
tentials extract water from roots and soil when needed. The lowest os- 
motic potentials that can be maintained are generally between -10 and 
-30 atm of pressure. If the soil water potential drops below the minimum 
potential of plants, the plants “wilt,” for the leaf cells can no longer 
be supplied by soil water to remain turgid. The stomata would be fully 
closed at this point, but some leakage of water through leaf walls con- 
tinues to desiccate the leaf cells. Under less dry conditions, roots may 
still not be able to extract water from the soil at the rate that water would 
be required for normal transpiration; if so, some stornatal closure is nec- 
essary. 

Models of plant transpiration relate stornatal resistance to leaf water 
potential; the leaf water potential in turn depends on leaf water storage, 
which is increased by water flow from roots and decreased by transpira- 
tion. The water flow into the roots depends on the resistance of the soil to 
moisture diffusion to the roots (a function of soil water content) and on 
the difference between soil and plant water potential. The roots also 
provide a significant resistance to the flow of water to the leaves. A 
parameterization of these processes simple enough to be used in climate 
models has been developed by Federer (1979). 

It has been observed that the stornatal resistance of many plants is not 
altered by plant water potential until the plant potential is nearly as low as 
the wilting potential. This suggests that as a useful approximation, the 
plant stomatal resistance rs may be assumed to remain at its minimum 
value until water demand exceeds the maximum possible rate at which 
water can be supplied from the soil through the roots. At this point, rs 
adjusts to match the net canopy transpiration to the maximum possible 
rate of water supply. For example, Denmead and Millar (1976) find a 
maximum transpiration rate of 0.6 mm hr-’ for wheat in Australia. Such a 
parameterization for plant water flow has been developed for use with 
global climate models (Dickinson e f  al . ,  1981). 

3.7. Modeling Energy Exchange over a Snow Surface 

Snow fields reflect a large fraction of the incident solar radiation and, if 
widespread in spring and early summer, significantly reduce the albedo of 
the earth-atmosphere system. It is thus important for climate models to 
correctly calculate the timing and degree of spring snow melt in temperate 
and high latitudes of the Northern Hemisphere. Modeling snow melt is 
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also required for the simulation of stream flows as needed for developing 
water resources or protecting against floods. This subject has recently 
been reviewed by Male and Granger (1981). A framework for considering 
this topic has already been developed earlier in this article. It is worth 
repeating that the shading effects of vegetative canopy over a snow sur- 
face can greatly modify surface albedo compared to that of open snow. 
Furthermore, solar radiation absorbed by needles, branches, dead grass, 
etc. is not available directly to the snow surface; the exchange of sensible 
heat and thermal infrared radiation between the canopy and the snow 
surface needs to be considered. Petzold (1981) has recently reported ob- 
servations of the radiation balance of melting snow in an open boreal 
forest. 

In high latitudes, freezing and thawing of soil water contribute signifi- 
cantly to surface energy balance; furthermore, the presence of frozen 
water can greatly reduce the permeability of soil to infiltration of water, 
and so contribute to spring flooding. 

4. FURTHER REMARKS ON LAND SURFACE PROCESSES AS A 
COMPONENT OF CLIMATE MODELS 

Although this study has emphasized surface processes, it is well worth 
reiterating the point that surface and atmospheric climate are coupled in 
many ways. The modifications of solar fluxes reaching the surface by 
atmospheric constituents have been mentioned. Likewise, the thermal in- 
frared fluxes incident at the surface depend on cloud and water vapor 
concentrations and atmospheric temperature structure, especially in the 
lowest 1 or 2 km. Fluxes of sensible and latent heat are even more depen- 
dent on atmospheric structure. 

In considering sensitivity of surface climate to changes in energy bal- 
ance components, it is important to account for atmospheric changes, 
which in turn depend on the spatial scale of the disturbance. For example, 
if the albedo of a plant canopy were reduced such that the canopy ab- 
sorbed more solar radiation, its immediate temperature change would be 
given by an expression equivalent to Eq. (3.36) averaged over the diurnal 
cycle, i.e., Ti = Ar'Fk,, where primes refer to the assumed perturbation. 
For example, with F ' b  = 8 W m-2 and X I  = 80 W m-2 K-I, Ti = 0.1"C. In 
other words, evaporative and sensible fluxes to the atmosphere would at 
first allow the canopy temperature to change by only a small amount. If 
the canopy were of small horizontal extent, e.g., a few trees, the atmo- 
spheric response to its increased heating could be negligible. On the other 
hand, if the albedo of the land surface were changed to give 8 W m-2 
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more absorption over all land, the earth as a whole would absorb about 2 
W m-’ more solar radiation; it is known from models of the climate 
system that the eventual combined change of atmosphere, land, and 
ocean surfaces would be an increase in temperature by about 1°C. In 
other words, over the plant canopy, the initial 8 W m-’ would lead to an 
eventual perturbation heating of 80 W m-’. The additional 72 W m-’ of 
radiation would correspond to increased downward flux of thermal in- 
frared radiation and the decreased sensible and latent heat fluxes due to a 
warmer atmosphere containing more water vapor. 

In this study, I have considered what factors are important for deter- 
mining the albedos and energy balance of land surfaces. The concepts of 
albedo and energy balance are central to the inclusion of land surface 
processes in climate models. Most climate models to date as based on 
atmospheric GCMs have used very simple descriptions of land surfaces 
which, however, have been adequate for simulation of gross features of 
global atmospheric climate. Their success has been, in part, due to the 
relative importance of oceans for atmospheric climate and their prescrip- 
tion of observed ocean temperatures. 

However, in modeling details of surface climate over land, it becomes 
important to include realistic descriptions of vegetation cover, soil types, 
and soil moisture to adequately model surface roughness, surface albe- 
dos, and surface water budgets and energy exchange. If these processes 
are included, a climate model should be able to simulate reasonable diur- 
nal variations of temperature not only of the air, but also of the ground 
and plant canopies. It is also feasible to improve the realism of the para- 
meterizations of surface hydrology in global climate models, and in doing 
so to better model not only evapotranspiration but also time-dependent 
stream flow. Only with such improvements will climate models be able to 
plausibly answer such questions as to the effects of climate change on 
water resources and flood hazards. 

One of the primary obstacles to improving model descriptions of sur- 
face processes over the earth is the great heterogeneity in surface struc- 
ture over most land areas. The minimum horizontal spatial elements of 
global climate models are generally rectangular surfaces with sides at 
least several hundred kilometers in dimension. Over such a surface, there 
can be thousands of individual land elements as characterized by particu- 
lar vegetative cover, soil type, and terrain. The question as how to prop- 
erly characterize averages over these individual elements within a model 
grid square is still largely unresolved. Before such complexities are ad- 
dressed, it is perhaps important to first better establish the sensitivity of 
different climate parameters to various aspects of simplified but still 
somewhat realistic average descriptions of land surfaces. 
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